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[1] Seawater dissolved iron isotope ratios (d56Fe) have been measured in the North
Atlantic near Bermuda. In a full-depth profile, seawater dissolved d56Fe is isotopically
heavy compared to crustal values throughout the water column (d56FeIRMM-014 = +0.30‰
to +0.71‰). Iron isotope ratios are relatively homogenous in the upper water column
(between +0.30‰ to +0.45‰ above 1500 m), and d56Fe increases below this to a
maximum of +0.71‰ at 2500 m, decreasing again to +0.35‰ at 4200 m. The d56Fe
profile is very different from the iron concentration profile; in the upper water column [Fe]
is variable while d56Fe is relatively constant, and in the deeper water column d56Fe varies
while [Fe] remains relatively constant. The d56Fe profile is also not well correlated with
other hydrographic tracers in the North Atlantic such as temperature, salinity, or the
concentrations of oxygen, phosphate, silica, and CFC-11. The dissimilarity between d56Fe
profiles and profiles of [Fe] and other hydrographic tracers shows that Fe isotope ratios
provide a unique sort of information about ocean chemistry, and they suggest that Fe
isotopes may therefore be a valuable new tool for tracing the global sources, sinks, and
biogeochemical cycling of Fe.
Citation: John, S. G., and J. Adkins (2012), The vertical distribution of iron stable isotopes in the North Atlantic near Bermuda,
Global Biogeochem. Cycles, 26, GB2034, doi:10.1029/2011GB004043.
1. Introduction
[2] Iron is a globally important micronutrient in the oceans,
where the growth of phytoplankton is often limited by low
iron concentrations. Controls on dissolved iron concentration
in seawater are a key question in chemical oceanography,
but the factors which control the distribution of iron in
seawater are poorly understood. Significant sources of Fe to
the oceans may include continental dust, hydrothermal vents,
and continental-margin sediments. Within the oceans, Fe
may be redistributed by biological processes such as Fe
uptake and remineralization, and inorganic processes such
as scavenging onto and release from sinking particulates.
Measuring Fe concentrations in seawater provides valuable
information about these processes, but new tracers, such as
iron stable isotope ratios, provide an opportunity to further
develop our understanding of the marine iron cycle.
[3] New techniques for extraction of Fe from seawater
with low chemical blanks have made it possible to measure
dissolved d56Fe with sufficient accuracy to observe natural
variation [John and Adkins, 2010; Lacan et al., 2008, 2010;
Radic et al., 2011]. These variations have been attributed
both to differences in the sources of iron to the ocean and
to fractionation of Fe isotopes by chemical reaction in sea-
water. For example, in the Southern Ocean the isotopically
light d56Fe at 1250 m correlates with an oxygen minimum
due to remineralization of organic material, and the heavier
d56Fe in surface waters could possibly be due to the biolog-
ical fractionation of Fe isotopes [Lacan et al., 2008]. Fe
isotope signatures in the Equatorial Pacific are interpreted
as tracing the non-reductive dissolution of sediments and
water mass circulation [Radic et al., 2011]. Dissolved d56Fe
in the San Pedro Basin ranges from 1.7‰ to 0.0‰ [John
et al., 2012], with the isotopically lightest iron found in
the deepest waters suggesting a source of isotopically light
iron from the reducing sediments [e.g., Severmann et al.,
2010; Welch et al., 2003]. The heaviest iron isotope ratio
in the San Pedro Basin is found in surface waters, sug-
gesting atmospheric iron deposition into surface waters
[John et al., 2012].
[4] The use of d56Fe as a tracer of the marine iron cycle is
complicated, however, by the complex chemistry of iron in
the oceans. Fe is a ‘hybrid-type’ element with profiles of Fe
concentrations in seawater showing the behaviors both of a
nutrient-type element and a scavenged element [Bruland and
Lohan, 2003]. Fe concentrations typically decrease in sur-
face waters where Fe is taken up as a nutrient, but Fe con-
centrations are lower in the Pacific than in the Atlantic,
similar to a scavenged-type element [Breitbarth et al., 2010,
and references therein]. The relative importance of kinetic
versus equilibrium controls on Fe concentrations in seawater
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are also a matter of debate. One perspective holds that Fe
concentrations are primarily governed by an equilibrium
where Fe solubility is held constant by a constant concen-
tration of Fe-binding organic ligands in the deep ocean [e.g.,
Johnson et al., 1997]. Another perspective is that a kinetic
paradigm, with processes such as mineral dissolution, bio-
logical uptake, and biological remineralization, can explain
the distribution of iron in the oceans [Boyle, 1997]. One way
to differentiate between different models of iron cycling in
the ocean is to compare the timescales of the reactions of Fe
in the water column. The scavenging residence time for the
deep Atlantic is estimated as 270  140 years based on the
decrease in NADW [Fe] along the flow path southwards
[Bergquist and Boyle, 2006], whereas scavenging residence
times in the deep North Pacific are 200 years calculated from
Fe profiles [Johnson et al., 1997] or 70 to 140 years based
on dissolved/particulate Fe ratios [Bruland et al., 1994]. In
contrast, scavenging residence times in the surface ocean are
typically shorter, for example modeling Fe distribution and
scavenging at the BATS site in the North Atlantic yields
scavenging residence times as low as 3 years at 100 m
[Weber et al., 2007]. Of course, long scavenging residence
times do not mean that Fe is unreactive on shorter time-
scales. Bacon and Anderson [1982] posit a model for Th
scavenging in the water column where Th atoms adsorb and
desorb from particles many times as they sink to the ocean
floor, such that the timescale for Th reaction is much faster
than the net scavenging residence time. The same could be
true of iron, though the factors which control the distribution
of Fe in the oceans are not known. Fe isotopes may be a new
tool to explore these processes.
[5] The sources of Fe to the oceans are also not fully
constrained. Dust is known to be an important source of Fe
to the open ocean [e.g., Jickells et al., 2005; Moore and
Braucher, 2008], with hydrothermal vents and reducing
continental margin sediments also hypothesized as important
contributors to the global marine iron pool. While Fe con-
centrations in pure hydrothermal fluid are typically quite
high (mM to mM), most of that Fe precipitates in the
immediate vicinity of the hydrothermal vents [German et al.,
1991]. Recent studies suggest that enough hydrothermal iron
is stabilized during mixing with seawater to increase iron
concentrations in the ocean [Bennett et al., 2008; Boyle and
Jenkins, 2008; Tagliabue et al., 2010; Toner et al., 2009].
However, previous studies differ on whether hydrothermal
vents are a source of isotopically heavy or isotopically light
Fe to the oceans compared to crustal values [Bennett et al.,
2009; Severmann et al., 2004]. Reducing continental-mar-
gin sediments may also contribute to the global Fe pool, due
to the high sedimentary fluxes of Fe(II) in these regions
[Elrod et al., 2004; Moore et al., 2004], and this flux is
associated with a characteristically light d56Fe signature
[Severmann et al., 2010; John et al., 2012] which suggests
that seawater d56Fe may be a valuable tracer for sources of
Fe to the ocean. Oxidizing continental margin sediments
may also be a source of Fe to the oceans, with a d56Fe sig-
nature that appears to be slightly heavier than typical open-
ocean dissolved d56Fe [Radic et al., 2011].
[6] Given the many questions that remain about the sour-
ces and sinks for Fe in the ocean, and the internal biogeo-
chemical cycling of Fe within the ocean, Fe isotopes are a
promising new tool to study the marine Fe cycle. However,
little data is available on the distribution of iron isotopes in
seawater or on the processes which control this distribution.
Here, we present the first profile of dissolved d56Fe from the
North Atlantic ocean, and compare the distribution of iron
isotopes to the distribution of other hydrographic tracers in
the North Atlantic. Several preliminary hypotheses which
could account for the observed distribution of Fe isotopes
are explored as a way to constrain the possible factors which
might control seawater d56Fe.
2. Methods
[7] Seawater samples were collected as part of the first
Geotraces Intercalibration cruise (R/V Knorr, June 22,
2008). Samples were collected at 3140′N 6410′W, the site
of the Bermuda Atlantic Time series. Samples were col-
lected using the U.S. Geotraces Clean Rosette which
employs 12 L Teflon-coated GO-Flo bottles mounted on a
polyurethane-coated frame suspended from a Kevlar
hydrowire. Most samples were collected during a profile for
trace element isotope intercalibration and acidified at sea in
the sample bottles (GPrI). Samples from 2000 m were
acidified in a large “deep sample” tank (GDI), and surface
samples were collected using a trace-metal clean fish sam-
pler and acidified in the large “surface sample” tank (GSI).
[8] Iron concentrations were measured by isotope dilution
and precipitation. Ten mL subsamples of seawater were
spiked with 57Fe and concentrated by a single coprecipita-
tion with magnesium hydroxide after the addition of trace
element clean ammonia (Seastar Chemicals,<10 ppt Fe) [Wu
and Boyle, 1998]. Concentration samples were analyzed on
a Neptune ICPMS with an SIS spray chamber inlet. All inlet
components including nebulizer, spray chamber, torch, and
cones were kept separate from those used for stable isotope
analysis. Iron concentrations were also calculated based on
the recovery of iron during our extraction and purification
process, and these values are similar to those calculated by
isotope dilution-ICPMS, typically within 0.1 nM. Seawater
Fe concentrations calculated by isotope dilution are probably
more accurate because they are insensitive to changes in
extraction efficiency and/or variations in instrumental sen-
sitivity. However, the agreement between these two different
methods strengthens our confidence in the reproducibility
and reliability of the NTA resin extraction procedure that we
use for isotopic analysis.
[9] Iron for isotopic analysis was extracted from samples
and analyzed for Fe isotope ratios using methods that have
been optimized for analysis of seawater d56Fe on 1 L sam-
ples [John and Adkins, 2010]. Briefly, Fe was concentrated
by bulk extraction onto an NTA resin, rinsed with pH 2
water to remove excess salts, and further purified by anion
exchange chromatography on AG-MP1 resin. Iron isotope
ratios were measured on a Neptune multicollector ICP-MS
using high-resolution mode to separate the Fe+ ion beam
from argide interferences. Both the accuracy and the preci-
sion of these measurements has been carefully documented
based on extensive analysis of internal and external errors
for 141 separate samples and process standards (Fe added to
Fe-free seawater and extracted for purification analysis)
[John and Adkins, 2010]. Accuracy in d56Fe is 0.05‰ to
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0.2‰ (2s external error) for 1 L seawater samples with
1 nM to 0.1 nM Fe, respectively.
3. Results
3.1. Fe and Fe Isotope Distribution
[10] Iron concentrations in the North Atlantic are typical
of regions with high dust deposition (Figure 1 and Table 1).
Iron concentrations are higher in the surface water (0.41 nM)
and reach a minimum near the chlorophyll maximum (0.12
nM, 125 m). Below this depth, iron concentrations increase
again to a maximum concentration (0.74 nM) at 2000 m.
Our measurements of iron concentration in the SAFe inter-
calibration standards by isotope dilution (S: 0.10  0.08 nM
(1s SD n = 4), D2: 0.89  0.03 nM (1s SD n = 4)) match
well with the current consensus values (S: 0.094 0.008 nM,
D2: 0.923  0.029 nM).
[11] Seawater dissolved d56Fe in the North Atlantic is
relatively homogeneous throughout the water column. For
the ten depths, dissolved d56Fe is between +0.30‰ and
+0.45‰, except for samples from 2000 and 2500 m which
are +0.55‰ and +0.71‰, respectively. This isotopic homo-
geneity is particularly surprising in light of the variability in
iron concentration in the upper water column. In the deep
ocean below 1500 m, the reverse is true and iron concentra-
tions are more constant between 0.55 and 0.74 nM, while
d56Fe is more variable with an increase of almost 0.4‰ to
a maximum at 2500 m.
3.2. Fe Isotope Distribution Compared to Other
Hydrographic Tracers
[12] The influence of several different water masses can
clearly be observed from a 1997 north-south section in the
North Atlantic (Figure 2) and in hydrographic data collected
concurrently with our sampling (Figure 1). The surface
waters of the North Atlantic are warm and high in salinity.
Below this, between 500 m to 1000 m at our sampling site,
we see the influence of the oxygen-depleted Mediterranean
Overflow Waters (MOW). From 1500 m to 4000 m is a
broad region of North Atlantic Deep Water (NADW) which
is formed by the sinking of surface waters at high latitudes.
In the deepest North Atlantic, the influence of Antarctic
Bottom Water (AABW) is seen primarily as a tongue of
high-Si water intruding from the south.
[13] Fe concentrations at our study site display a nutrient-
type profile, plus an atmospheric source of Fe to the ocean
surface. Based on temperature, salinity, and fluorescence
data, the mixed layer depth at the time of sampling was
approximately 140 m and the chlorophyll maximum
extended from roughly 120 to 140 m. Measured Fe con-
centrations were lowest at 75 m and 125 m, reflecting the
biological uptake of Fe as a nutrient at these depths near the
base of the mixed layer and the chlorophyll max. Increasing
Fe concentrations over the thermocline between 125 m and
1000 m reflect the remineralization of sinking organic matter
[Bruland and Lohan, 2003]. The deeper maximum in Fe
concentrations, compared to phosphate, may reflect the
slower remineralization of Fe or the influence of Fe scav-
enging by particles and subsequent release at depth. Fe
concentrations are relatively homogeneous below 1000 m,
similar to the homogeneity in other tracers within NADW.
However, there is a marked decrease in Fe concentrations of
about 0.15 nM between 2000 m and 2500 m. CFC-11 con-
centrations also decrease strongly across this interval, sug-
gesting a possible relationship between [Fe] and water mass
age or the region in which this water mass was formed. In
the very surface waters, at 10 m, Fe concentrations are
higher due to the deposition of iron-rich dust to the surface
ocean.
[14] Iron isotopes, unlike the iron concentration profile, do
not correlate well with most other hydrographic parameters
(Figure 3). Fe isotope ratios do not change much in the upper
1500 m of the water column, despite large variations in
every other tracer examined. Below this, the maximum in
d56Fe is seen at the core of NADW, but the distribution of
NADW at our sample site is not well correlated to d56Fe.
NADW extends from 1500 m to 4000 m as classified by
salinities of 34.9 to 35.0. Phosphate and oxygen show sim-
ilarly broad and homogeneous distributions. There is a local
minimum in oxygen concentrations near 3000 m, but the
magnitude of this change (5 mmol/kg) is very much
smaller than variations in the thermocline (100 mmol/kg)
where d56Fe does not vary. Si concentrations increase
between 1500 m to 2500 m, as does d56Fe, but this increase
in Si is monotonic with even higher Si concentrations at
greater depths while d56Fe decreases at 4200 m. Similarly,
concentrations of CFC-11 decrease monotonically between
1500 m and the ocean floor.
[15] The distribution of hydrothermal d3(He) in the North
Atlantic is somewhat similar to d56Fe, in that both tracers
have a sharp maximum in deep waters [Jenkins and Clarke,
1976]. Surface and mid-depth peaks in d3(He) are attributed
to the decay of tritium released during atmospheric testing of
nuclear weapons, but the deep maximum observed through-
out the western Atlantic Ocean is attributed to hydrothermal
input, with the likely source of the deep hydrothermal d3(He)
peak near Bermuda being the Gibbs Fracture Zone at 50N
on the North Atlantic Ridge. The depth of the measured
d3(He) maximum near Bermuda is 3500 m compared to a
maximum in d56Fe measured at 2500 m, however the reso-
lution of both profiles is sparse and there are no d56Fe data
between 2500 m and 4200 m. Insufficient vertical resolution
hampers our ability to determine whether the true maximum
of these tracers is the same or not.
[16] While there are not obvious correlations between
d56Fe and most other hydrographic tracers of NADW, it is
possible that Fe isotope signals are tied to the specific
location at which different components of NADW were
formed. Generally, NADW is formed from North Atlantic
surface water, which is high in salinity and sinks after
cooling at northern latitudes. However, the homogeneity in
many NADW tracers can mask more subtle differences
within NADW, such that NADW can be divided into Upper
North Atlantic Deep Water (UNADW), Northeast Atlantic
Deep Water (NEADW), and Lower North Atlantic Deep
Water (LNADW) [e.g., Curry et al., 2003; Talley, 1996].
Following the NADW nomenclature of Curry et al. [2003]
the heavier d56Fe signals observed at 2000 m and 2500 m
in our data correspond roughly to UNADW.
4. Discussion
[17] The dissimilarity between d56Fe distribution in the
North Atlantic and the distribution of other tracers
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demonstrates the potential value of d56Fe. Because iron
isotope distribution is mostly decoupled from the distribu-
tion of iron concentration and the distribution of other tra-
cers, the information about marine biogeochemical cycles
which is provided by d56Fe is likely to be unique. In order to
exploit this potentially valuable new tool, however, we must
first understand the processes that control the distribution of
Fe isotopes in seawater. Data from this single profile are not
sufficient to conclusively determine the processes that lead
to the observed d56Fe profile in the North Atlantic. None-
theless, we explore below some of the reactions of Fe in
seawater and briefly discuss some hypotheses that may be
consistent with our data. We hypothesize that the deep peak
in d56Fe might be due to either water mass properties asso-
ciated with NEADW formation, or hydrothermal Fe input.
We hypothesize that the isotopic homogeneity observed in
the upper ocean might be due to either to a kinetic isotope
effect during particulate Fe dissolution or to isotopic
‘buffering’ by isotopic equilibration between dissolved and
particulate Fe pools.
4.1. Dissolved d56Fe as a Tracer of Water Masses
in the Deep Ocean
[18] While the deep maximum in d56Fe in the North
Atlantic is much sharper than the overall distribution of
NADW, it is possible that Fe isotopes trace an aspect of the
different components that comprise NADW. Specifically,
the maximum in d56Fe is roughly correlated with the
occurrence of UNADW [Curry et al., 2003; Talley, 1996]. It
is possible that some aspect of the iron chemistry in surface
waters in the UNADW outcrop region uniquely affects the
iron isotope signature at 2000 to 2500 m at our site. Iron
isotope signatures in the equatorial Pacific have been
observed to persist over large horizontal distances, suggest-
ing that they can be tied to specific water masses [Radic et al.,
2011], and the same might be true in the North Atlantic. We
Figure 1. Fe isotope and concentration data plotted alongside other hydrographic parameters from the North Atlantic near
Bermuda. The dashed line plotted alongside d56Fe represents the average iron isotope ratio of continental material [Beard
et al., 2003a). [Fe] data are taken from the same samples as d56Fe. Temperature and salinity data are from the same cast as
d56Fe. Oxygen, phosphate, silica were sampled one day after [Fe]/d56Fe was sampled. CFC-11 data are from the WOCE
database for transect A22, station 54 (31.56N 65.99W). d3He data was collected for the Geosecs-II intercalibration
(35.8N, 68.0W) [Jenkins et al., 1972]. Jenkins et al. attribute the surface peak in d3He to the decay of bomb tritium,
while the deepest peak is attributed to hydrothermal activity.
Table 1. Individual Sample Iron Isotope and Iron Concentration Data in the North Atlantic Near Bermuda (3140′N 6410′W, June 22,
2008)a
Sample
Name
GEOTRACES
Sample Number
Depth
(m)
T
(C) Salinity d56Fe
Error
(2s)* d57/54Fe
[Fe]
(nM) n
Error
(1s SD)
GSI-36 GSI tank 10 20.4 36.68 0.37 0.09 0.7 0.41 2 0.01
GSI-36 10 0.28 0.09 0.28
GPrI-43 2691 75 20.4 36.68 0.52 0.11 0.67 0.19 2 0.02
GPrI-43 75 0.30 0.11 0.5
GPrI-44 2691 75 0.48 0.11 0.88 0.15 2 0
GPrI-44 75 0.35 0.11 0.57
GPrI-35 2687 125 20.4 36.68 0.34 0.14 0.36 0.12 2 0.02
GPrI-35 125 0.14 0.14 0.32
GPrI-36 2687 125 0.36 0.14 0.69 0.19 2 0.01
GPrI-37 2687/2688 125 0.36 0.14 0.7 0.2 2 0
GPrI-37 125 0.29 0.14 0.55
GPrI-28 2682 250 18.2 36.56 0.40 0.08 0.66 0.25 2 0.01
GPrI-28 250 0.41 0.08 0.59
GPrI-29 2682 250 0.50 0.08 0.88 0.32 2 0
GPrI-22 2680 500 16.6 36.28 0.37 0.08 0.31 0.37 2 0.01
GPrI-22 500 0.31 0.08 0.45
GPrI-16 2677 1000 6.5 35.11 0.36 0.07 0.47 0.62 2 0.01
GPrI-16 1000 0.34 0.07 0.53
GPrI-11 2675 1500 4.4 35.01 0.35 0.07 0.52 0.72 2 0.02
GPrI-11 1500 0.36 0.07 0.54
GDI-35 GDI tank 2000 3.6 34.95 0.74 2 0.01
GDI-36 2000 0.58 0.07 0.82
GDI-37 2000 0.64 0.07 0.93
GDI-38 2000 0.51 0.07 0.72
GDI-39 2000 0.53 0.07 0.73
GPrI-8 2673/2674 2500 3.2 34.95 0.69 0.07 1.14 0.55 2 0.01
GPrI-8 2500 0.74 0.07 1.05
GT-4200 4200 2.2 34.88 0.35 0.07 0.69 0.65 2 0.01
SAFe S 0.1 4 0.08
SAFe D2 0.89 4 0.03
aAll samples were collected on the GEOTRACES Intercalibration I cruise as part of the trace element isotopes intercalibration profile, and can be
identified by their GEOTRACES sample names and numbers. Errors in d56Fe for each sample are calculated according to John and Adkins [2010]. Iron
concentrations by isotope dilution were measured on subsamples of the original sample carboys. Errors in iron concentration by isotope dilution are
based on multiple analyses of the same subsample. Iron concentrations of SAFe intercalibration standards were measured by the same isotope dilution
method, and our measured values match closely to consensus values.
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do not currently have a mechanistic explanation for the pro-
cess which would cause NEADW to be isotopically heavy.
There is no evidence of high d56Fe values in our surface
North Atlantic samples, so if some component of NADW is
isotopically heavy at the point of formation, there must be an
as yet unidentified process which enriches this water mass in
heavier iron isotopes as it moves toward higher latitudes.
While we can’t rule out this water mass based explanation for
the heavy d56Fe peak at depth in our profile, we are motivated
to search for other processes that might be at work.
4.2. Dissolved d56Fe as a Tracer of Hydrothermal Fe
Input to the Deep Ocean
[19] The vertical resolution of both d56Fe and d3He pro-
files near Bermuda is not sufficient to determine whether
d56Fe correlates with hydrothermal input. However, it is
possible that hydrothermal Fe has a heavy iron isotope sig-
nature, and that hydrothermal dissolved Fe input is therefore
responsible for the maximum in d56Fe observed in our
profile.
[20] Previous studies differ on whether hydrothermal
vents are a source of isotopically heavy or isotopically light
dissolved Fe to the oceans compared to crustal values.
Severmann et al. [2004] found d56Fe values in the Rainbow
hydrothermal field were generally similar for primary
hydrothermal fluids and sediments, and suspended particu-
lates tended to be either similar to fluids or isotopically
heavier than fluids. They concluded that Fe isotopes are
conservative in hydrothermal plumes, implying a flux of
isotopically light Fe to the oceans because most hydrother-
mal fluids are isotopically lighter than igneous rock by 0.2
to 0.3‰ [Beard et al., 2003b; Rouxel et al., 2004, 2008;
Severmann et al., 2004; Sharma et al., 2001]. Bennett et al.
[2009] found that hydrothermal particulates in a plume at
5S on the Mid-Atlantic Ridge were isotopically lighter than
the primary hydrothermal fluid, leading them to suggest that
hydrothermal plumes would be a source of isotopically
heavy dissolved Fe to the oceans. Both Fe(II)/Fe(III) equi-
librium isotope effects and kinetic isotope effects during Fe
precipitation are likely to be important in determining the
d56Fe of dissolved Fe in hydrothermal plumes. Fe(III)/Fe(II)
redox chemistry typically fractionates Fe isotopes by 2 to
3 permil [Balci et al., 2006; Bullen et al., 2001;Welch et al.,
2003] with lighter isotopes preferentially concentrated in the
seawater-soluble Fe(II) phase. Kinetic isotope effects of 0‰
to 2‰ have been observed during Fe precipitation, with
preferential loss of lighter isotopes from the dissolved phase
[Balci et al., 2006; Brantley et al., 2004; Chapman et al.,
2009; Skulan et al., 2002]. Given the complex reactions of
Fe in hydrothermal plumes, it seems possible that they could
be a source of either isotopically heavy or isotopically light
Fe to the oceans, depending on whether equilibrium or
kinetic processes dominate. Both a better understanding of
Fe isotope dynamics in hydrothermal plumes and more data
on the marine distribution of d56Fe are therefore necessary to
determine whether the deep d56Fe maximum observed at
2500 m near Bermuda is the result of hydrothermal input.
Figure 3. Cross plots of [Fe] and d56Fe compared to other parameters at 5 m (white diamond) between
75 m to 500 m (gray diamonds), and between 1000 m to 4200 m (black diamonds). Nutrient and d3He
concentrations were interpolated from the closest sample based on potential temperature. Adjusted depths
for most samples were within 20 m of the Fe/d56Fe samples, except d3He at 4200 m which was interpo-
lated from values at 3500 m and 4500 m.
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4.3. Isotopic Fractionation During Fe Dissolution
[21] The simplest explanation for the observed isotopic
homogeneity in the upper 1500 m in the North Atlantic is
that d56Fe input is +0.3‰ to +0.4‰, and there is no further
fractionation of Fe isotopes. Dust is the primary source of
iron to the surface North Atlantic [Arimoto et al., 2003;
Jickells et al., 2005; Moore and Braucher, 2008], and the
average isotopic composition of dust is similar to the crustal
average of d56Fe = +0.09‰ [Beard et al., 2003a]. Control of
surface seawater d56Fe by isotopic fractionation during dust
dissolution would therefore require an isotope effect
of + 0.2‰ to +0.3‰, which preferentially releases heavier
Fe isotopes from dust into seawater. By comparison, the
dissolution of hornblende and goethite by strong organic
ligands, and the dissolution of granite by oxalate-HCl, and
the equilibrium fractionation between Fe(III) and hematite
all preferentially release isotopically light or unchanged Fe
[Brantley et al., 2004; Chapman et al., 2009; Skulan et al.,
2002]. However, a +0.2‰ isotope effect for dissolution of
terrigenous sediments in seawater is inferred from seawater
d56Fe near Papua New Guinea, where deep waters interact
with sediments on the continental shelves [Radic et al., 2011].
[22] In order to maintain homogeneous d56Fe over large
changes in Fe concentration, there must also be minimal
fractionation during biological uptake and remineralization.
Based on increasing d56Fe in surface ocean waters, the bio-
logical isotope effect for Fe uptake has been estimated as
0.25‰ to 0.13‰ in the Equatorial Pacific [Radic et al.,
2011], and 0.32‰ to +0.32 in the Southern Ocean. In the
North Atlantic, we see no significant change in d56Fe over
the upper 1500 m of the water column, despite a 76%
decrease in Fe concentration from 1500 m to 75 m. The
current data does not allow us to distinguish whether the
homogeneity in surface ocean d56Fe reflects a lack of bio-
logical Fe isotope fractionation, or whether this fractionation
is masked by other processes. The Fe isotope effect of bio-
logical remineralization is unknown.
4.4. Isotopic Buffering of d56Fe in the Surface Ocean
[23] An alternative hypothesis to explain the isotopic
homogeneity observed in the upper portion of our profile,
despite biological fractionation of Fe isotopes, is the ‘buff-
ering’ of dissolved d56Fe by interaction with particles. In
order to evaluate this hypothesis, we must calculate the rates
at which different iron reactions take place in seawater. A
simple reaction network for Fe in seawater would allow for
exchange between inorganic particulate (Feparticulate), dis-
solved (Fedissolved), and biological particulate (Febiological)
phases with rate constants for iron transfer between phases
being first order (Figure 4). The rate at which the particulate
pool is renewed is determined by the flux of iron to the
surface ocean and the sinking rate of particles. While col-
loids are known to be important intermediates in the transfer
of Fe between particulate and soluble phases of Fe
[Honeyman and Santschi, 1989, 1991; Wen et al., 1997], a
simplified model includes only particulate and dissolved
(colloidal plus soluble) phases. The activity of colloids is
therefore implied in the transfer of Fe between particulate
and dissolved phases. Determining the rate constants for
these various reactions is crucial for understanding iron
isotopes, because the isotope ratio of Fe in seawater can be
set by the reaction which equilibrates most quickly. The
following is an assessment of how we estimate rate constants
for these reactions.
[24] Biological iron uptake rates are calculated from
organic carbon export rates in the Sargasso Sea and an Fe:N
Redfield ratio. We use an organic carbon export of
3.4 mol m2 yr1 and an Fe:N biological uptake ratio of
3  105 [Weber et al., 2005] in order to calculate the
rate of new biological Fe uptake. This corresponds to
2103 nM Fe d1 over a 20 m chlorophyll maximum.
Assuming an iron concentration of 0.2 nM, the rate constant
for net biological iron uptake (kuptake) is 0.01 d
1. The uptake
of recycled biological iron is presumably much faster, but it
is new production and export which are able to alter the total
seawater d56Fe. The remineralization rate constant in the
thermocline (kremin) is likely to be lower than kuptake,
assuming that remineralization takes place over a much lon-
ger length scale compared to biological productivity.
[25] We use several complementary techniques to estimate
rates of iron exchange between the particulate and dissolved
phases. kdesorb can be estimated from the dissolution rates of
Figure 4. A simple model illustrates the estimated rate constants (k) and isotope effects (a) for the reac-
tion of iron in the ocean. The hypothetical 0.3‰ equilibrium isotope effect between dissolved and partic-
ulate Fe pictured here might be responsible for maintaining seawater d56Fe between +0.3‰ to +0.45‰ in
the upper North Atlantic, despite any biological Fe isotope fractionation.
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laboratory-produced amorphous ferric oxyhydroxides,
which range from 20 d1 to 0.4 d1 for precipitates aged
1 min to 1 week [Rose and Waite, 2003]. Leaching of natural
particulates are roughly consistent with these estimates. For
example, iron dissolution has been measured for natural
aerosols in seawater, where dissolution typically liberates a
large pool of iron upon first contact with seawater (<5 min),
followed by a slower release of iron over hours or days of
continued leaching [Aguilar-Islas et al., 2010; Buck et al.,
2006]. We assume that the first pulse of iron release into
seawater is Fe(II) or very soluble iron salts, and so it is not
representative of iron desorption rates from particles in the
water column. By modeling first-order kinetics for the sub-
sequent slower iron release, however, we can use particle
leach data from seven aerosol samples from the Gulf of
Alaska, equatorial Pacific, and subtropical Pacific [Aguilar-
Islas et al., 2010] to calculate a dissolution rate for the
more slowly solubilizing iron pool (kdesorb) of 45 to 120 d
1.
These values are consistent with leaching of North Atlantic
aerosols in natural seawater where 4% of particulate iron is
soluble and 2% dissolves within the first hour, for a
desorption rate constant (kdesorb) of 12 d
1 [Wu et al., 2007].
Also, the soluble fraction of Saharan dust was found to
dissolve entirely in natural seawater within 1 day [Mendez
et al., 2010]. For the reverse reaction, we assume that
release from organic ligands is the rate-limiting step for
adsorption of dissolved iron on to particles and estimate that
ksorb is therefore equal to kunbinding for seawater organic
ligands. Values of kunbinding are 0.14 to 3.4 d
1 in the North
Atlantic above 1000 m [Witter and Luther, 1998].
[26] Our analysis of iron chemistry in seawater suggests
that the rate constants for iron sorption and desorption from
particles in the upper North Atlantic are greater than for
biological uptake and remineralization, taking place on a
timescale of hours to days compared to a timescale of days
to longer for new biological uptake and remineralization
(Figure 4). Exchange with particles is also much faster than
estimates of iron’s scavenging residence time, which range
from 3 years in the surface North Atlantic to hundreds of
years in the deep ocean [Bergquist and Boyle, 2006; Bruland
et al., 1994; Johnson et al., 1997; Weber et al., 2007]. This
suggests that exchange with particles might buffer the d56Fe
of dissolved iron in seawater, provided that there is a large
pool of particulate Fe available for exchange with the dis-
solved phase. In the North Atlantic, we predict that kdesorb is
greater than ksorb, so the particulate Fe pool is actually much
smaller than the dissolved pool. This is consistent with the
findings of Sherrell and Boyle [1992] showing that total
particulate Fe in the water column near Bermuda is generally
between 0.1 to 1 nM, assuming that the exchangeable par-
ticulate Fe pool is a small fraction of the total. However, the
particulate Fe pool is constantly renewed by the atmospheric
deposition of dust and the sinking of this particulate material
through the water column. With sinking rates of 10 to 100 m
d1 [Fowler and Knauer, 1986], the particulate Fe pool will
be renewed on a timescale of 1 to 10 days over a 100 m
mixed layer, or 10 to 100 days over the 1000 m thermocline,
providing a constantly renewed source of iron for exchange
with the dissolved phase. If an isotope buffer is respon-
sible for maintaining homogeneous d56Fe in the face of
biological fractionation in the surface ocean, the flux of
dust to the North Atlantic is therefore likely be crucial to
this process.
5. Conclusions
[27] Seawater dissolved d56Fe has been measured in the
North Atlantic ocean near Bermuda. In the upper 1500 m in
the North Atlantic, seawater dissolved d56Fe is homoge-
neous within analytical error between +0.30 to +0.45 ‰. In
the deeper ocean there is a peak in d56Fe, with an apparent
maximum of d56Fe = +0.71‰ at 2500 m that is poorly
constrained by low sampling resolution. We have explored
the hypotheses that deep ocean d56Fe in the North Atlantic is
a tracer for water masses or is controlled by hydrothermal
venting, and the hypotheses that upper ocean d56Fe is con-
trolled by a one-way isotope effect during particle dissolu-
tion or by isotopic buffering by particulates. Further data
will be necessary to fully evaluate these hypotheses. The
distribution of d56Fe in the North Atlantic near Bermuda is
very different than the Fe concentration profile, and it is
different from most other tracers of water column chemistry.
This suggests that d56Fe provides valuable data about the
marine biogeochemical cycling of Fe that cannot be obtained
from studying other tracers. However, a greater under-
standing of the processes that control the distribution of Fe
isotopes in the ocean is needed for this new tool to be most
effectively used.
[28] Acknowledgments. Thanks to all who helped and participated
on the Geotraces Intercalibration I cruise, especially Chief Scientist Greg
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